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ABSTRACT
This dissertation consists of two independent topics; both are related to non-mass
dependent isotope fractionation.
1) Atacama Gravel Sulfate: The onset of hyperaridity of Atacama Desert is of geological
importance and has been controversial. I put constraints this timing by looking into a new
record, a deep sulfate profile extending from the surface down to the oxide zone of a
copper ore in the Atacama Gravels, whose deposition covers a majority of the Central
Depression and temporarily spans from semi-arid to hyper-arid climate. The gravel
sulfates show a strong depth-dependent pattern through ~50 meters (15 to 65 meter
depth): narrow ranges of Δ17O (+0.22‰ to +0.38‰), δ18O (+8.1 to +10.3‰) and δ34S
(~+5.0‰) for the upper 15-30 meter and gradual changes from 30 to 65 meters with
decreasing Δ17O (+0.22‰ to -0.25‰), increasing δ18O (+4.5‰ to +11‰) and increasing
δ34S (+2.2 ‰ to +3.5 ‰). Considering the sedimentological features of gravel deposits
we propose that the pattern was mainly climate controlled with a desiccation trajectory
from semi-arid to hyper-arid conditions, hyper-aridity was achieved at the present level
since at least 9 million years ago.
2) Thermal gradient induced NMD effect: I report that a surprising non-massdependent 17O anomaly can be generated simply by subjecting O2 gas in an enclosure to a
thermal gradient. The authenticity of this discovery is substantiated by a series of blank
tests and isotope mass-balance calculations. Contamination effects have been exhaustedly
tested and are proven to not be able to generate this phenomenon. To further explore the
underlying mechanism for the anomalies, I tested the effects of gas pressure, duration of
experiment, and geometry of the apparatus on the 17O anomalies for O2 as well as on the
33

S or

36

S anomalies for SF6 gas. The results are consistent with our proposal that a
vii

previously ignored nuclear spin effect on the gas diffusion coefficient may be largely
responsible for generating the observed anomalies. This discovery provides clues to some
of the puzzling non-mass-dependent isotope signatures encountered in experiments and in
nature, including the triple oxygen or quadruple sulfur isotope heterogeneity in the Solar
system.

viii

CHAPTER 1. A BRIEF INTRODUCTION OF NON-MASS-DEPENDENT ISOTOPE
FRACTIONATION
1.1 Notations
Stable isotopes of an element have almost identical chemical properties but different
masses (numbers of neutrons). When the element participates in equilibrium or non-equilibrium
processes (diffusion, evaporation, etc.), fractionation occurs or the isotope ratio may change
among different facies or at different stages. The isotope ratio change is small and the difference
is best measured using a reference sample. Delta notation is thus invoked (McKinney, McCrea et
al. 1950) to describe the subtle difference (see equation 1).
δ*X = (

/

-1)*1000‰

Eq.1

where X is the element of interest, [X] represents the population or molar number of that isotope;
* denotes heavy isotopes of an element, such as
light isotope,

16

17

O,

18

O in the case of oxygen; # denotes the

O for example; standard is a reference material that researchers assigned for

comparison, for example Vienna-Standard Mean Oceanic Water (VSMOW) in the case of
oxygen isotopes.
*[X]/#[X] ratio is defined as isotope ratio, *R, and for a process occurring between oxygen
bearing phases AB, we measure the magnitude of isotope fractionation using an isotope
fractionation factor, αA-B.
αA-B = *RA/*RB

Eq.2

1.2 Mass Dependency of Stable Isotope Fractionation
The theoretical development of isotope effects, particularly the isotope exchange reaction,
was made more than 60 years ago (Bigeleisen and Mayer 1947; Urey 1947). Following this
pioneering work, a mass relationship can be derived between isotope ratios (Hulston and Thode
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1965; Matsuhisa, Goldsmith et al. 1979; Weston 1999; Young, Galy et al. 2002; Ono 2008). In
brief, there exists a relationship between α and mass. For example, in a isotope exchange at hightemperature,
A-16O+B-*O = A-*O+B-16O
Where * denotes heavy isotopes, 17 or 18, we have
ln (α17A-B)/ ln (α18A-B)= (1/m16-1/m17)/ (1/m16-1/m18)≈0.530

Eq.3

This approach uses an approximation and is only applicable for processes at high
temperatures or with low vibrational frequencies of involved molecules. However, this generally
mass-based relationship is also feasible for low temperature cases with ratios of ln (α17A-B)/ ln
(α18A-B) within the narrow range 0.52±0.015, depending on molecule reduced masses (equation 4,
for molecule with two atoms with mass M1 and M2), the type of isotope fractionation process, etc.
Mreduced=

Eq. 4

A similar relationship can also be derived for non-equilibrium isotope fractionation
processes. If we apply simplified kinetic theory on diffusion, the ratio of the diffusion rate
between 17O and 18O-bearing molecules will be inversely proportional to the square root of their
masses, which only differ from each other by ~1amu. Then we can have
ln (α17A-B)/ ln (α18A-B)=ln(M16/M17)/ln(M16/M18)

Eq.5

where M denotes the reduced mass of different isotopologues. Taking CO and SO2 as examples,
the ratios are ~0.514 and 0.508, respectively. Thus the kinetic processes yield varied ratios for
different molecules, but still well within the range discussed above (Matsuhisa, Goldsmith et al.
1979; Young, Galy et al. 2002). Thus we should expect a relationship for most physiochemical
processes,
ln (α17A-B)/ ln (α18A-B) = λ

Eq.6
2

where λ is close to 0.52 for oxygen isotopes.
In this dissertation, we adopt δ’ notation instead of conventional δ notation since this is
convenient and accurate for describing such mass relationships (Hulston and Thode 1965),
however, these two notations are numerically identical till the third decimal place in general.
δ’= ln(1+δ/1000)

Eq.7

1.3 Non-Mass Dependent Isotope Fractionation
There exists a canonical value for λ for all mass-dependent (MD) isotope fractionation
processes. Slight shifts in the λ value may occur for different elements of interest, for different
species, different reactions, or at different reaction temperatures. However, a laboratory
measurement of triple oxygen isotope composition of ozone (Thiemens and Heidenreich 1983)
found that not all natural processes follow the mass-dependent rule. The λ value for some of the
reactions can diverge widely from the 0.52 value for oxygen. These isotope fractionation
processes are thus labeled as non-mass dependent (NMD).
To evaluate the magnitude of deviation from a typical MD relationship, we define Δ
notation,
Δ17O=δ’17O-λ*δ’18O,

Eq.7

For sulfur,
Δ33S=δ’33S-λ*δ’34S, Δ36S=δ’36O-λ*δ’34S,

Eq.8

The λ ranges from 0.5 to 0.53 for the oxygen system, and at 0.519 for 33S, and 1.91
for 36S (Young, Galy et al. 2002). The canonical values we are using to evaluate Δs in this study
are 0.52, 0.519 and 1.91 for ∆17O, ∆33S, and ∆36S, respectively.
NMD isotope fractionation and its signatures have been actively explored and applied in
atmospheric chemistry, deep Earth history, early solar system formation, and planetary chemistry
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(Hulston and Thode 1965; Clayton, Grossman et al. 1973; Thiemens and Heidenreich 1983;
Mauersberger 1987; Farquhar, Bao et al. 2000; Farquhar, Savarino et al. 2001; Rai, Jackson et al.
2005; Bao, Lyons et al. 2008; Watanabe, Farquhar et al. 2009; Bao, Yu et al. 2010). Many
theories have been proposed to explain those chemical and physical mechanisms that are
responsible for NMD observations: e.g. symmetry effects on ozone isotopomers (Gao and
Marcus 2001), self-shielding effects on ozone, CO and SO2 (Thiemens and Heidenreich 1983;
Clayton 2002; Lyons 2007), magnetic isotope effects (MIE) or nuclear spin effects on heavy
isotopes (Turro 1983; Buchachenko 2001), nuclear volume effects on heavy isotopes (King 1984;
Bigeleisen 1996), and chemosorption of the sulfate ion on organic matter surfaces (Lasaga,
Otake et al. 2008).
Despite the proposed mechanisms, the NMD isotope effects have only been observed in a
few scenarios which require restricted conditions to occur. This makes the NMD signature a
powerful indicator of specific processes. Chapter 2 utilizes an NMD signature in sulfate to
delineate sources and post-depositional processes in the Atacama Desert sulfate pool. Chapter 3
extends the NMD effect to an unexpected simple physical process, thermal diffusion of diluted
gases.
1.4 References
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CHAPTER 2. A DEEP SULFATE MULTI-ISOTOPE PROFILE IN THE ATACAMA
GRAVELS: RECORDING THE ONSET OF ATACAMA DESICCATION
2.1 Introduction
2.1.1 Background Information on the Atacama Desert
The Atacama Desert is located between 17ºand 27ºS latitude in northern Chile and is
subdivided into four geological and morphological units from east to west: west Andean
Cordillera, Precordillera (Cordillera de Domeyko), Central Depression and Coastal Cordillera
(Figure 2-1A). The Atacama Desert is characterized by a hyper-arid climate with annual
precipitation less than 2 mm in the core region and the longest known semi-arid to arid history of
all existing deserts, probably since Late Jurassic (Alpers and Brimhall 1988; Hartley, Chong et al.
2005). This extreme climate contributes to several unique features: 1) accumulations of massive
amounts of water soluble salts, e.g. chloride, nitrate, sulfate, iodate, perchlorate salts on desert
pavement (Ericksen 1983; Berger and Cooke 1997); 2) formation of the world’s primary Cuenriched supergene ore (oxide copper ores), represented by the climate-sensitive mineral phase
atacamite (Cu4Cl2(OH)6) (Sillitoe and McKee 1996; Hartley and Chong 2002; Cameron,
Leybourne et al. 2007); and 3) the oldest landform with extremely low erosion rates (Nishiizumi,
Caffee et al. 2005).
The continuous sedimentary record in north Chile since the Late Jurassic indicates that
this region has a long history of arid to semi-arid climate (Hartley, Chong et al. 2005). The
present-day hyper-aridity is caused by subtropical anticyclonic atmospheric subsidence,
facilitated by both the cold Humboldt Current along Chile-Peru coast and upwelling which
suppresses entrainment of Pacific moisture from the west, and enhanced by a pronounced rain
shadow effect from the Andes Mountains that blocks moisture from the west (Schwertfelder
1976; Hartley 2003). The occurrence of highly enriched oxide copper ores in this region has been
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facilitated by a long-history of semi-arid to arid climate that transformed hypogene porphyry
copper ores by local supergene enrichment (Sillitoe and McKee 1996) and also secured their
subsequent preservations. A hyper-arid climate is believed to have played this same role for the
formation and preservation of massive salt deposits (Ericksen 1975; Ericksen 1983). It has also
been argued that that this extreme climate could have played a role in the rise of the Andes,
challenging the traditional “tectonic control climate” view (Lamb and Davis 2003). Therefore,
the question of when and how the Atacama changed from arid to hyper-arid has been the interest
of many disciplines.
So far, studying the onset of hyper-aridity in the Atacama involves the use of climatesensitive materials and/or processes, e.g. erosion-sensitive boulders on desert pavement (Dunai,
Lopez et al. 2005; Nishiizumi, Caffee et al. 2005); the formation of alunite-group minerals
associated with copper ores (Alpers and Brimhall 1988; Sillitoe and McKee 1996); and sediment
archives (fluvial, alluvial, and paleosol deposits) (Hartley and Chong 2002; Rech, Currie et al.
2006). In this study we look into a new record, a deep sulfate profile extending from the surface
down to the oxide zone of a copper ore in the Atacama Gravel deposits. Sulfate can be used as
climate indicator in arid places and Atacama Gravel deposit is a representative sedimentary
system within the Atacama region in contrast with localized places used in previous studies.
Details are discussed in the following three sections.
2.1.2 Sulfate in the Surface Regolith of the Atacama Desert
In arid regions, the deposition of atmospheric particles and eolian dust are the main
sources of soluble salts in the surface regolith, among which sulfate is of special interest. Sulfate
minerals are more resistant than chloride or nitrate minerals to leaching by meteoric water, for
example, sulfate can be immobilized by Ca2+ (Ericksen 1983; Garrett 1983; Bao, Jenkins et al.
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2004; Michalski and Rech 2004). Isotopically, sulfate from different origins can be conveniently
differentiated on the basis of their sulfur and triple oxygen isotope compositions. Sulfate bears a
non-mass-dependent

17

O enrichment (i.e. Δ17O > 0) if formed by ozone or H2O2 oxidation of

reduced sulfur, e.g. dimenthyl sulfide (DMS) or SO2 in the atmosphere. Sulfate carrying a
positive Δ17O signature forms constantly and falls to the Earth’s surface via dry/wet deposition,
however, the environment for its preservation has been restricted. The preservation of positive
Δ17O sulfate has only been found in the top few meters depth in major hyper-arid deserts on
Earth; Atacama, Central Namib, Antarctic Dry Valleys (Bao, Thiemens et al. 2000; Bao,
Michalski et al. 2001; Bao, Thiemens et al. 2001). This is due to accumulation and preservation
of atmospheric deposition in the past few million years (deposits a few meters in depth) under
extremely dry climate. Thus the preservation of sulfate with positive Δ17O can be regarded as a
proxy of hyper-arid climate.
2.1.3 Sulfate in the Oxide Zone of a Supergene Copper Ore
Below the surface, sulfate has also formed at depth in the Central Depression of Atacama
Desert, i.e. within the supergene ore deposits. For example, alunite (KAl3(SO4)2(OH)6), jarosite
(KFe3(OH)6(SO4)2) and gypsum (CaSO4) minerals are relatively common product of sulfide
oxidation at various conditions during the alteration of supergene ores (Hartley and Rice 2005).
The sulfate anion can be mobilized by groundwater during the supergene enrichment processes
before mineralization, or even after mineralization if localized water table fluctuation occurs.
Thus, this sulfate that formed at depth may have interacted with gravel deposits depending on
climatic, regional tectonic and hydrological settings. Sulfate formed by the oxidation of sulfide
minerals within the oxide ore zone, however, does not bear a

17

O anomaly (i.e. Δ17O ~ zero).

Furthermore, the accompanying δ34S and δ18O values in the oxide ore zone would be different
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from those of atmospheric sulfate as well, providing additional parameters to assist the
quantification of sulfate sources and migration in the deep profile.
2.1.4 The Atacama Gravels and Sulfate Therein
Between the surface salt deposits, mainly chloride, sulfate, and nitrate, <5m in depth
(Garrett 1983); and the buried porphyry copper ore deposits, up to hundreds of meters in depth
(Chavez, 2000); along the east margins of the Central Depression, there lies a thick blanket of
Neogene age sedimentary deposits, “the Atacama Gravel” (Mortimer 1973). “Atacama Gravels”
was initially used to describe the alluvial spread on the Atacama pediplain (Sillitoe, Mortimer et
al. 1968), forming the major modern landscape in the southern Atacama Desert (26°to 29°S).
The gravel deposits consist of alluvial fan deposits on top of andesitic basement. These debrisflow dominated deposits were suggested to have begun in Oligocene-Early Miocene, when the
climate was semi-arid, and ended by the Middle Miocene in most areas when the climate turned
to arid and hyperarid (Nalpas, Dabard et al. 2008). Interbedded ignimbrite and tuff bed dates
suggest a general Middle-Upper Miocene age of cessation of the Gravel deposition, more
specifically, ~9 Ma in most of the Central Depression (Nalpas, Dabard et al. 2008). In the
northern Atacama Desert, from 19°to 23°S, the pediment surface is also covered by similar
sediments, mainly of Miocene age, and some are of Pliocene age (Galli-Oliver 1967; Mortimer
1980; Hartley and Chong 2002; Ewing, Sutter et al. 2006). The Atacama Gravel now often refers
to the thick, generally 150-200 m, up to ~600 m, gravelly alluvial sedimentary blankets that
extensively cover the majority of the landscape in the longitudinal Central Depression extending
from marginal Pre-Cordillera to the eastern slope of the Coastal Cordillera. Younger Pliocene

10

A

B

Figure 2-1. A) Geographic map of north Chile, showing the four major geomorphological
regions, and our sampling site Spence. DFZ, AFZ, and ACL represent Domeyko Fault Zone,
Atacama Fault Zone and Antofagasta-Calama Lineament, respectively; B) Regional cross section
as shown in A).
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and Pleistocene deposits are only locally preserved along the margin of the Coastal Codillera and
Pre-Andean basins (Hartley and Chong 2002; Gabalda 2005; Vernon 2005).
The Atacama Gravel, which covers most of the central-southern Atacama Desert, has
rarely been studied - especially the geochemical record therein. A few studies indicate that
sedimentary features of the Atacama Gravel are related to climate and tectonics (Riquelme,
Martinod et al. 2003; Riquelme, Herail et al. 2007; Nalpas, Dabard et al. 2008). Debris-flow
sedimentation process may have scrambled all components in a single event. A
geomorphological study by Riquelme et al. (2003, 2007) suggests that tectonic activities of the
Atacama Fault System (AFS), along the Coastal Cordillera during the Miocene, caused uplift of
the Coastal Cordillera and in turn shut off the drainage to the Pacific Ocean. Thus, massive
gravel backfilled the alluvial valleys and was subsequently preserved by hyper-arid climate.
However, Nalpas et al. (2008) argued that evidence for Miocene synsedimentary deformation is
lacking in the field.

The change of Gravel facies along a transect from the Pre-Andean

Cordillera through the Central Depression and to the Coastal Cordillera indicates sedimentation
under semi-arid to arid conditions. Gravel deposition started since the Early Miocene by means
of debris-flow and sheet flood from the Pre-Andean region down to paleo-valleys that formed in
wetter time in the Oligocene, and the sediment transport capacity was significantly reduced by
increasing aridity, finally ceasing by the initiation of extreme hyper-aridity at probably 6 Ma in
the Central Depression (Nalpas, Dabard et al. 2008). Therefore, Atacama Gravel has probably
experienced both the ending of a climate that provided episodic debris-flows and the onset of a
hyper-arid climate which preserved these deposits.
Aside from the two very different end-members of sulfate anticipated at the very top and
the very bottom of a deep profile, the sulfate in between can be the result of three processes: 1)
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initial (the sulfate carried by gravels during depositional process) mixing of multiple sources
from Andean region 2) post-depositional downward leaching of airborne and eolian deposits
between sedimentation events and 3) upward migration of sulfate at depth due to capillary forces.
Therefore, a deep salt concentration and sulfate isotope profile, starting from the surface, through
the gravel deposits, and down to the copper oxide zone in depth, is an archive from which the
timing and dynamics of climate change in the Atacama Desert can be obtained. Particularly,
positive Δ17O secondary sulfate can only survive under extremely dry condition as described in
2.1.2, thus the essential part of this study is to find the oldest (deepest) positive Δ17O sulfate
within a gravel layer with possible time constraint. A unique scenario may be hard to deduce
from such a profile, but a “trending” sulfate isotope profile would indicate gradual ramping to
hyper-aridity since the deposition of the gravel deposits, while a disturbed sulfate isotope profile
would indicate a fluctuating climate during the transition to hyper-aridity. To test these ideas,
This study took advantage of a deep drill core collected by BHP-Billiton Company at a copper
mining site in the Atacama Desert.
2.2 Sampling Site and Sample Description
We obtained a series of samples from a drill core at a mining site at Spence, 50 km
southwest of the city Calama (Figure 2-1A). The site, with an elevation of 1700 m, is located on
the Antofagasta-Calama Linement, on the east margin of the Central Depression, ~150 km from
the Pacific Ocean to the west (Figure 2-1B). A large porphyry copper ore deposit was discovered
by RioChilex in 1997 at Spence. Covered by 30-180 m thick of the Gravel deposits, the
supergene oxide zone is mainly composed of atacamite (Cu4(Cl)2(OH)6) and brochantite
(Cu4(SO4)(OH)6). The oxide zone extends down to a couple hundred meters, below which is a
hypogene ore composed of pyrite, chalcocite, and covellite. The hypogene ore gradually turns to
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a reduced hypogene ore characterized by sulfide minerals such as pyrite and chalcopyrite at a
depth of thousands of meters (Cameron, Leybourne et al. 2007). The groundwater table was
predicted to vary from 30 to 100 m in depth in this region (Leybourne and Cameron 2006),
however, except for isolated patches of wet surfaces, a persistent groundwater level is not
observed in the top 80 m at a nearby mining site. Surface material (~10 m) was removed for
mining purposes and is not part of the drill-core samples. To make up the missing surface 10-m
profile in the deep drill-core site, we took surface samples from a nearby surface pit down to ~1
m in depth. The core was drilled from 10 m below the surface through the Gravel down to ~ 65
m. Samples were taken every 0.8 m for sulfate concentration and stable isotope analysis. The
Gravel in this region is generally indurated and impermeable, as is also described by an earlier
study (Cameron, Leybourne et al. 2007). Samples from 15 to 30 meters are poorly sorted
conglomerate with angular gravel (>5mm) and gypcretes in a fine sandy matrix. Samples from
30 to 65 meters are well sorted fine to coarse sands and silts (Figure 2-2). At depths of 80 to 100
meters where the oxide zone lies and where the drill-core does not reach, we took samples of
gypsum vein, atacamite, and pyrite at different depths from a freshly exposed wall of a large
mining pit, where the top of a green-red colored copper oxide ore is clearly exposed (Figure 2-3).
The porphyry copper ore bodies for these two localities are believed to be the same ore
generation. A distinctly white volcanic tuff layer (thickness ranging from 20 to 100 cm) is
observed at ~ 10 m depth in some open mining pits (Figure 2-3). We did not encounter this
distinct tuff layer in our drill-core samples, however. The tuff layer in a nearby deposits (~70 km
northeast), Radomiro Tomic, was dated at ~9 Ma (Cuadra and Rojas 2001).
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Figure 2-2. Photos of samples collected in the Spence region: a) surface regolith; b) gravel
sample at 15-30 meters in depth; c) gravel at 30-65 meters in depth; 4) gypsum vein within
greenish atacamite; and 5) pyrite within porphyry ore beneath the oxide zone.
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Figure 2-3. Wall of an open mining pit illustrating an irregular contact between gravel deposits
and supergene oxide zone (green dash line). The surface regolith (~5 to 10 m) has been removed.
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2.3 Sample Analysis
2.3.1 Ion Concentration Analysis and Sulfate Extraction
Drill-core samples were first cleaned of surface dust and then fresh inner portions of the
samples were taken and ground into fine powder (<2 mm). An aliquot of ~300 mg was used for
ion concentration measurement. The sample was soaked in 10 mL deionized-distilled water in a
50-mL centrifuge tube on a shaker overnight and the supernatant liquid was collected the next
day. This procedure was repeated four times so that all water-soluble ions were collected.
Supernatants were then filtered through a 0.2-μm syringe filter for anion ([Cl-], [NO3-], and
[SO42-]) concentration measurements on an Ion Chromatographer (Dionex ICS-3000) using an
AS-18 (4x250 mm) separation column. The completion of soluble-ion extraction was confirmed
by a fifth-time extraction on a sample with a high sulfate concentration, whose solution did not
show detectable ion concentrations. The IC measurement error is 4% of the reported values.
After the determination of ion concentrations, a desired amount (50-100 g) of an unsieved
aliquot was taken for quantitative sulfate extraction. The completion of the extraction was
confirmed after four-time extraction as described above. Solution from the multiple extractions
was collected and filtered through a 0.2-μm filter. Droplets of 3 M HCl were added to the
solution to drive away any carbonate ion before a saturated BaCl2 solution was added to
precipitate BaSO4. The BaSO4 precipitations were further purified by the DTPA dissolutionacidification-reprecipitation method (Bao 2006) in order to remove occluded impurites, mainly
nitrate in our case, that may interfere with oxygen isotope measurement of the barite. The final
purified barite powder was then air-dried in an oven at 80°C for 48 hours.
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2.3.2 Stable Isotope Analysis
 Δ17Osulfate
Molecular O2 was extracted from barite samples by heating sample powder (~8 mg) in a
BrF5 atmosphere using infrared CO2 laser ablation system (MIR-10 25W, New wave, 10.6μm).
The extracted O2 yields reproducible and representative oxygen isotope results, but the extraction
is not quantitative with a yield ranging from 25 to 35% (Bao and Thiemens 2000). O2 triple
oxygen isotope composition was measured on a Thermo-Scientific MAT 253 Mass Spectrometer
in dual inlet mode. Analytical precision (std) is within 0.05‰. Our system was calibrated using
O2 quantitatively (100% extraction) generated from garnet standard, UWG-2, from John Valley’s
lab at the University of Wisconsin. The δ18O UWG-2 is +5.80‰ and we assign δ17O UWG-2 +3.02‰
assuming a relationship of δ’18O UWG-2 =0.520× δ’17O UWG-2.
 δ18Osulfate
The δ18O sulfate measurements were conducted in a high-temperature conversion elemental
analyzer system (TCEA). Approximately 200 μg barite powder was loaded into a silver capsule
and oxygen in barite was then converted into CO gas in a graphite tube at 1450°C. The produced
gas mixture was carried by UHP Helium gas through a GC column at 112°C, at a flow rate of
90mL/min. CO isotope measurement was conducted on a Thermo Scientific MAT 253 through a
conflow-III interface. The δ18O was calibrated by running NBS-127 standard (barite) in the same
system, with an assigned δ18O value of +9.3‰. The analytical error (std), which is obtained from
replicates of reference barite, is less than 0.5‰.
 δ34Ssulfate
The δ34S measurement was conducted for selected samples, evenly distributed in the
profile, on an Euro EA 1000 in the Stable Isotope Geochemistry Laboratory at the University of
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Maryland. Approximately 100 μg barite was mixed with 1-2 mg V2O5 reagent in a tin capsule
was converted into SO2 gas in a quartz tube at 1050°C. SO2 was carried by Helium gas through a
GC column and a conflow interface and was measured on an IsoPrime 100 Isotope Ratio Mass
Spectrometer. The system was calibrated by NBS-127 with an assigned δ34S value of +21.3‰.
The analytical error (std) is within 0.3‰.
2.4 Results
The concentration data display distinct depth-dependent variations in the ~ 100 meter
profile (Figure 2-4). Samples shallower than 30 meters in depth have sulfate concentration more
than 2 weight % of the fine grained soil weight; while samples deeper than 30 meters in depth
have much more variable sulfate concentrations, ranging from 0.3 to 10 weight % of the fine
grained soil. Nitrate and chloride concentrations are consistently low relative to sulfate from 15
to 65 m in depth, with the majority at less than 1000 ppm of the bulk soil weight. There are two
excursions beyond 2500 ppm for both nitrate and chloride at ~16 and 40 meters in depth,
respectively. Despite the high variability in vertical ion concentrations, the lowest soluble ion
content is observed at ~30 meters in depth for all ions (Figure 2-4).
Depth-dependent patterns are also observed among stable isotope parameters (Figure 2-5).
The Δ17O of Gravel sulfate is positive, > +0.2‰, and has a narrower range at above 30 m but
decreases gradually from ~+0.2 ‰ to −0.2 ‰ with increasing depth from 30 m down to the
oxide-zone sulfate at >80 m (Figure 2-5A). The δ18O value has a narrow δ18O range (+8.1 to
+10.3‰) at 15 to 30 m but increases from ~+4.5 ‰ to a high value of +17.7 ‰ from a depth of
30 m down to the oxide-zone (Figure 2-5B). Similarly, the δ34S is low (+4.2‰) near the modern
surface, increases to a narrow range average at +5.2‰ from 30 to 15 m in depth, and further
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increase from ~+2.2 ‰ to +4.8 ‰ from a depth of 30 m down to the oxide-zone. The supergene
pyrite δ34S is 2‰, lower than most sulfate δ34S values in the ~110 m profile (Figure 2-5C).
2.5 Discussion
2.5.1 Hyper-Aridity of the Atacama
Despite the many impacts brought about by the onset of hyper-aridity in the Atacama, the
timing, dynamic, and cause(s) of the transition from semi-aridity to aridity (>100 mm annual
precipitation), and finally to current hyper-aridity (<10 mm annual precipitation) have been
debated. Four lines of evidence have been proposed for the timing of the onset of hyper-aridity. 1)
Minerals alunite, jarosite, and hollandite groups occur within buried supergene ore bodies. The
formation of these minerals requires acidic and oxidizing conditions with the availability of a
fairly large amount of water to mobilize ions. K-Ar and
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Ar-39Ar ages can be obtained from

these minerals. The youngest age indicates the ending time of the supergene enrichment process
or the onset of regional desiccation. Data obtained so far has shown the supergene process was
active from 45 Ma to 5 Ma, with 21-14 Ma at its maximum (Alpers and Brimhall 1988; Sillitoe
and McKee 1996; Rowland 2001; Arancibia, Matthews et al. 2006), which indicates a Pliocene
onset of hyper-aridity. However, recent studies show that supergene oxidation can be carried out
even under current extreme aridity as recent as c.a. 1.5 Ma or even younger age (Reich, Palacios
et al. 2008; Reich, Palacios et al. 2009), which makes these proxies likely post-modified by
regional tectonics and brine movement. 2) Data from cosmogenic
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Ne of quartz clasts suggest

an ca. 25 million-year history of continuous hyper-aridity for the Coastal Cordillera region
(Dunai, Lopez et al. 2005). However, a combination of cosmogenic
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Be,
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Al and
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from bedrock and cobbles on alluvial fan surfaces in the Central Depression suggests that
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Figure 2-4. Variation of anion concentrations with depth in a deep profile (drill-core samples) at
Spence, northern Chile. The lower panel shows expanded view of the nitrate and chloride
concentration profiles.
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Figure 2-5. Variation of isotopic compositions of sulfate with depth in a deep profile (drillcore samples) at Spence, northern Chile. A) Δ17O, B) δ18O, and C) δ34S. The red line represents
30 m depth.
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hyper-aridity with an extremely low erosion rate started ~ 9 million years ago (Nishiizumi,
Caffee et al. 2005).3) Sedimentary and geochemical studies of paleosol profiles in Calama basin,
located in the Pre-Andean Codillera, show a drastic change from calcic vertisol with root traces
to mature salic gypsisol between 19 Ma and 13 Ma, suggesting a climate transition from
precipitation >200 mm/yr to <20 mm/yr in that time period, probably caused by the rising of the
Andes to ~2 km (Rech, Currie et al. 2006). On the other hand, no new fluviolacustrine and
alluvial fan sediments are found after late Pliocene age in the core of the Atacama Desert,
suggesting that the onset of present-day hyper-aridity began at ~ 3 Ma (Hartley and Chong 2002).
The main debates about this onset of present-day hyper-aridity lie in: 1) whether the large
discrepancy in age ranging from 44 Ma to ~3 Ma is caused by geographic heterogeneity in
climate or a historical oscillation between wet and dry climate or other factors (Alpers and
Brimhall 1988; Sillitoe and McKee 1996; Hartley and Chong 2002; Dunai, Lopez et al. 2005;
Nishiizumi, Caffee et al. 2005); and 2) whether it was actually initiated (usually judged by the
timing) by the factors that are currently maintaining this extreme climate, e.g. the rise of Andes
and pronounced cooling of Humboldt current.
2.5.2 Current Study
2.5.2.1 Sulfate on the Modern Surface (top of the gravel deposits)
Atacama Desert hosts a unique salt-rich regolith on the surface (Ericksen 1983; Garrett 1983;
Berger and Cooke 1997; Rech, Quade et al. 2003; Michalski and Rech 2004). The preservation
of such concentrated water soluble salts with main constituents nitrate, chloride and sulfate,
along with minor components perchlorate and iodate, was secured by the long term hyper-arid
climate that prevented effective erosion or leaching by rainfall or rivers. The sources and
different distributions of these salts, however, have been debated for more than a century,
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especially for the rich nitrate deposits (Ericksen 1975; Garrett 1983; Michalski, Savarino et al.
2002). The sources of the salts were suggested to have been 1) sea salts; 2) weathering of
Andean volcanic rocks; 3) direct volcanic emissions; 4) atmospheric deposition; and 5) transport
of salar salts. The contribution of each of these sources to a specific site depends on geographic
location (Fig. 2-1A). Calcium and sulfate are main soluble ions in our study site. Calcium and
SO42- sources were investigated in soil transects from the Coastal region to Pre-Andean
cordillera using sulfur and strontium isotopes (Rech, Quade et al. 2003). They suggested that sea
salt input, with a distinct high δ34S value of +21‰, is a major source of both Ca2+ and SO42- in
soils within 50 km of the coast and lower than 800 meter in elevation; whereas for inland and
higher-elevation regions the source materials were mainly the salts precipitated from ground
water interacting with andesitic volcanic and sedimentary rocks that are enriched in sulfur and
calcium. The sulfur isotope compositions measured in this inland study are closer to that of
Andean lake and salar sulfate with the δ34S ranging from +3 to +8 ‰. Measured values also
suggested that atmospheric salt deposition could be significant but the geochemical or isotopic
constraint of this source was hard to determine partially due to overlapping isotopic ranges
among different inputs. Bao (2004) utilized the Δ17O of sulfate to evaluate the contribution of
atmospheric secondary sulfate, i. e. those formed through the oxidation of sulfur gas (e.g.
dimethyl sulfide, H2S, and SO2) by O3, H2O2, or OH radical in the atmosphere. The surface
sulfate near Spencer has a Δ17O at +0.27‰, lower than those found in the core of the Central
Depression (Bao, Jenkins et al. 2004). Assuming the mid-latitude atmospheric secondary sulfate
has an average ∆17O value of ~ +0.70‰, as suggested by previous research (Jenkins and Bao
2006), secondary atmospheric sulfate constitutes about 38% of the total surface sulfate at Spence
in the recent past. The δ18O of +7.5‰ implies that a major portion of the
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O-normal sulfate is

probably derived from nearby Salar or Andean bedrocks, which is consistent with the low δ34S of
+4.2‰ that is within the range of dissolved sulfate in Andean lakes and ground water. These
surface sulfate multiple isotope signatures, plus the high calcium concentration, are consistent
with the present locality and climate: 150 km from the coast, 1700 m in elevation, east margin of
the hyper-arid Central Depression. Thus, these parameters of sulfate on the surface are the
reference for a hyper-arid climate at this particular region.
2.5.2.2 Sulfate from Depth
The Gravel seamlessly transits to copper oxide ore deposit in the study area and many other
places in the Atacama Desert. Chile is the largest copper producer in the world. The major
copper porphyry deposits occur along a narrow belt in north Chile, mainly in the AntofagastaCalama Lineament (ACL). The “hypogene-supergene-oxide zone” sequence of porphyry copper
ore has been the focus in ore genesis studies (Brimhall, Alpers et al. 1985; Alpers and Brimhall
1988; Cameron, Leybourne et al. 2007; Reich, Palacios et al. 2009). Briefly, the hypogene
mineral deposits formed from hydrothermal processes associated with magma activities in the
crust. Sulfide minerals (copper-iron sulfide) make up the main hypogene ore body. Later,
tectonically induced uplift exposed the supergene ore to oxidative weathering. During this step,
sulfide oxidation releases metal ions, facilitated by an acidic condition resulted from sulfide
oxidation (Brimhall, Alpers et al. 1985; Dold 2003; Hartley and Rice 2005). Usually, those metal
ions will be removed via leaching of meteoric water, and then became immobile at depth and
form new minerals (usually still sulfide minerals) due to pH change. This process results in a
higher concentration of metal sulfides in the supergene ore body than in the original
hydrothermal ore. In arid conditions, however, further metal enrichment can be achieved through
evaporation and the formation of salt minerals of the metal ions (Cu and Fe, for example). The

26

so-called oxide zone refers to this metal-rich zone where the otherwise soluble minerals would
be leached if the climate were not arid or hyper-arid. The supergene enrichment-mineralization
sequence will require sufficient rainfall (>100 mm/year) and acidic, oxidative conditions, during
which an overlain thick gravel deposits may prohibit such process by attaining water table on top
of ore body. (Sillitoe and McKee 1996). The dating of alunite in the enrichment zone yielded an
age of ~44 Ma for the supergene enrichment at Spence, which supports that the formation of
sulfate from sulfide oxidation at depth ceased long before the gravel deposits (Rowland 2001).
Thus, this source is unlikely to be a major contributor of the gravel sulfates during their
deposition. Sulfate sampled in our site is mainly in the form of gypsum vein or veinlet, coexisting with the main constituent atacamite (Cu2Cl(OH)3). Recent U-Th series dating on the
gypsum yielded an age of ~127 Ka, which is sharply in contrast to the alunite age (Reich,
Palacios et al. 2008). Tectonically-induced deep saline water pumping through fractures within
the ore body, replacing pre-existing minerals which had formed during regional supergene
enrichment process in the past (including sulfate), has been proposed as the mechanism for
current ore formation and that it is responsible for the young age (Cameron, Leybourne et al.
2007; Reich, Palacios et al. 2008; Reich, Palacios et al. 2009). The arid to hyper-arid climate
after deposition of gravels will lower the ground water level by intense evaporation. Had the
water table remained less than 20 meters from surface (it was not observed in our sampling site
nowadays), the capillary force may draw water up to surface carrying considerable amount of
soluble salts. This process was suggested to possibly occur within 20 m depth (Fontes, Yousfi et
al. 1986). However, through deposition process and the generally increased aridity and decreased
water table, we suggest the capillary forced migration may modify the sulfate content in the very
lower portion, less than 10 m above the oxide zone.Due to the impermeability of current gravel
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settings, it was also suggested that the saline flood did not go far beyond the oxide zone-gravel
boundary (Cameron, Leybourne et al. 2007). We suggest that the modification of the bottom few
meters of gravel deposits may have occurred long after their deposition. The Δ17O of vein sulfate
ranges from -0.20 to -0.05‰ and shows a rough decreasing trend through depth. The δ18OSO4
shares a similar pattern ranging from +14.4 to +17.7 ‰, increasing through depth. Oxygen
isotope data implies that sulfate formed from sulfide oxidation in aerobic solution, during which
the sulfate partially inherited Δ17O from air O2 instead of from ozone or H2O2. The water must
have been highly evaporated because of the anomalously high δ18OSO4, its δ18O could be as high
as ~+10 ‰ (Taylor 1974; Leybourne and Cameron 2006; Cameron, Leybourne et al. 2007)
compared with that of the regional precipitation range from -8 to -11‰ (Leybourne and Cameron
2006). The δ34S value ranges from +3.0 to +4.8‰ and falls in a narrow range with very rough
increasing trend through depth. However, the δ34S of pyrite samples in the enrichment zone with
direct contact with the oxide zone, shows a distinctly different value, +2.1‰. Assuming
negligible isotope fractionation associated with pyrite oxidation, and that the sulfur isotope
composition of sulfide is constant within the enrichment zone after homogenization by the ion
leaching during supergene enrichment stage, the vein sulfate may not form within the ore body,
instead likely forming within some other highly evaporative environment in proximity upstream.
2.5.2.3 Sulfate within the Gravel Deposits
Variations observed within the gravel deposit deep water-soluble ion concentration and
sulfate stable isotope profile are the result of many factors which can be summarized as follows:
1) Salts initially carried by the gravel deposit from source regions; 2) the magnitude (thickness)
and permeability of single event gravel deposition; 3) airborne and eolian dust (atmospheric
deposition) fallen on top of the gravel deposits during the time between two depositional events;
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4) the leaching transport of salts by meteoric water; 5) the frequency and magnitude of rainfall
throughout the deposition of entire gravel deposits; 6) capillary transport of salt from the
supergene oxide zone at depth.
A unified function that involves all of the above factors and accounts for both
concentration and isotope composition patterns is thus desired. However, our knowledge on the
above variables is limited, and this makes it difficult to put constraints on factor number 5, which
reveals the past climatic condition. With all the uncertainties, perhaps with the exception of the
rough estimation of atmospheric deposition rate, it is not likely to have either a unique solution
for observed patterns or to obtain a single representative equation.
With the assumption that the initial concentrations of most soluble anions remained
relatively constant through the deposition processes, a plausible scenario for the co-varying [Cl-]
and [NO3- ] patterns through depth is thus: the high concentration excursions at 16 and 40-meter
depths could be the result of the leaching by meteoric water of anions from the deposit above
with subsequent evaporation resulting in the observed high concentrations at these depths.
Anions in early (30 to 65 m) deposition were likely unaffected by the later (15 to 30 meter)
deposition, represented by the lowest concentration at 30 meter depth which may correspond to a
gap in wet events. The concentrations of relatively insoluble SO42-, on the other hand, were
affected by both the capacity of the wet events and also the cation constraints (Ca2+) in the
deposits. The preserved anion concentration patterns imply that the magnitude and frequency of
the wet events during and after gravel deposition were not high enough to create a homogeneous
concentration profile, which indicates an arid condition in general. Chloride and sulfate could
also be carried by capillary forces from the deep supergene oxide zone, comprised of gypsum
and atacamite, and the slight elevation of concentrations below 50 m indicate that this saline
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source could mildly modify the bottom part of the gravel deposit. The concentration pattern
implies that there were two suites of gravel deposits, accompanying the change of morphology
through depth, i.e. the fine grained sand and silt composition of the lower part (30-65m) and
poorly sorted conglomerates of the upper part (15-30m). The lower portion was suggested to
have been deposited from sheetflood and/or sub-aerial waning flood flows in relatively wetter
conditions, i.e. semi-arid; and the upper part was suggested to have deposited out of sub-aqueous
debris flow or from hyper-concentrated density flow during a drier climate, i.e. arid and
transition from arid to hyper-arid ((Nalpas, Dabard et al. 2008) and references therein).
The isotopic composition profile may reflect a simpler process. The leaching process
involves dissolution and re-precipitation of sulfate, the former is unidirectional and no isotope
fractionation is expected, and the latter is usually a fast process in highly evaporative
environment with calcium cations. Therefore, the isotope fractionation is also considered
negligible. The sulfate carried by capillary force will not isotopically deviate from those within
the supergene oxide zone as well. Thus, we can treat sulfate at any depth as a mixture of initial
sulfate, atmospherically deposited sulfate and supergene sulfate.
The isotopic data show two distinct groups: steadily constant in the top portion (15 to 30
m) and a gradient in the lower portion (30 to 65 m). The isotopic similarity between the upper
portion of gravel and the surface soil may imply that the regional climate had reached present
levels long ago. We should expect lower Δ17O values within the gravel than on the modern
surface because the gravel deposit could more effectively transport sulfate from Andean regions
(e.g. playa) than the eolian processes which are the dominant paths of sulfate for the modern
surface. However, their Δ17O values are comparable to each other. Such a steady isotope pattern
is hardly achieved under fluctuated and relatively wet climate, we suggest that it may be best
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explained by a series of small gravel depositions (debris-flow) with a long time interval of
hyperarid climate between each deposition, during which atmospheric deposition accumulated
and was leached down into the gravel layer by intermittent rainfall. The shorter transport range
of debris flow may also preferentially carry materials from old evaporite deposits near the PreAndean Codillera and Pre-Andean Depression, which would result in the jump of δ18O and δ34S
from ~+5 ‰ and ~+3‰ to ~+10‰ and >+5‰, respectively.
On the other hand, the isotope pattern for the lower portion deposits hardly yields one
plausible solution. Both weathering of bedrocks and evaporates in the Pre-Andean Codillera and
West Codillera region and the transport capacities to the east slope of the Central Depression
were stronger during semi-arid climate, thus this sourced sulfate, carrying a small negative ∆17O
value (~−0.1 to −0.2‰) (Luz, Barkan et al. 1999), may occupy a greater proportion in the total
sulfate budget, thus diluting the initial positive Δ17O signal carried only by the airborne sulfate.
On the other hand, contemporaneous with gravel deposition, global cooling after the MidMiocene climatic optimum occurred with Antarctic ice sheet formation, the cold Humboldt
Current was enhanced, and consequently biogenic emissions were strengthened. The production
of DMS, which is the major source of the production of positive Δ17O sulfate, may become more
efficient in the origin area, higher than it was during Lower to Middle Miocene and in turn, the
positive Δ17O sulfate ended up more in the gravel salts, and a positive shift for δ18O and δ34S
may also be introduced. During wetter time, the ground water recharge from the Pre-Andean
region might still remain relatively high with a fluctuating water table and a thinner gravel
deposit on top. So we suggest that the sulfate carried by capillary forces from the supergene
oxide zone mixed with the sulfate reservoirs within the bottom of the gravel deposit, elevating
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the δ18O to ~+10‰ and diluting Δ17O to near zero. Thus within the frame of current study, we
cannot differentiate among those causes.
2.6 Conclusions
The current study reports isotope compositions and concentrations of a deep sulfate
(~100 m) profile. Data suggest that hyper-aridity in the Central Depression was most likely
achieved at present level in the Mid-Late Miocene (upper deposits), a timing constrained by a
tuff layer on top of the studied gravel deposits that was dated ~9 Ma. However, due to the
missing top layer of the gravel deposit, we still cannot draw a conclusion for how and when the
transition from semi-arid to hyper-arid climate occurred, and if the hyper-aridity has
continuously persisted since it was achieved. The chloride and nitrate concentration excursion at
~16 meter depth imply a possible wet period after the stability of this region (15 to 30 meters).
We admit that our explanation is not the only solution for our observations, but it does
seem to be a likely scenario in the given geological and geographical settings. Nevertheless, our
study shows that much information can be deduced from the archive in the gravel deposit. A
regional investigation for various settings, e.g. without supergene ore sulfate at depth, will
greatly aid the understanding of the desertification history of the Atacama region.
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CHAPTER 3. THERMAL-GRADIENT INDUCED NON-MASS-DEPENDENT
ISOTOPE FRACTIONATION

3.1 Introduction
Thermal diffusion phenomenon was first experimentally discovered nearly 150 years ago.
When placing a tube with salt solution inside under a thermal gradient, salt was found more
concentrated in the cold end (Ludwig 1856; Soret 1879). Such phenomenon was named as
Ludwig-Soret effect. On the other hand, at much later time, thermal diffusion in gases was first
theoretically predicted independently by Enskog and Chapman (Enskog 1911; Chapman 1916).
Subsequently, isotope fractionation in binary mixtures of convective systems associated with
thermal diffusion has been discovered and well investigated both experimentally and
theoretically (Furry, Jones et al. 1939; Jones and Furry 1946; Saxena and Mathur 1966;
Chapman and Cowling 1991; Severinghaus, Bender et al. 1996; Huang, Chakraborty et al. 2010).
When an isotopic mixture (gas or fluid) is subjected to a thermal gradient in a confined system,
mass will flow from the hot to the cold end and meanwhile isotope fractionation would also
occur. Thermal diffusion has been used as an effective technique in small to moderate scale
isotope separations, although the magnitude of the fractionation factor is usually much smaller
than that of conventional diffusion. Binary mixtures have been the focus of past studies on
thermal diffusion of gases, driven partly by practical applications in gas or isotope separations.
Multiple-hydrogen (H, D, and T) and Argon (36Ar,
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Ar, and 40Ar) isotope systems were (Jones

and Furry 1946) explored but were mostly on convective, above-atmosphere-pressure systems
(Kobayashi, Shibata et al. 1996; Arita, Yamanishi et al. 1998). The fractionation relationship
among three or more isotopes of the same element has not been seriously examined, especially
for rarefied gas in a non-convective system. The lack of interest in such a system may not be just
1 Modified from Sun T and Bao, HM, 2010, 2011, Rapid Communication on Mass Spectrometry. Reprinted by permission of
Rapid Communication on Mass Spectrometry, John Wiley and Sons Press (Appendix A).
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its limited practical applications but also the fact that thermal-diffusion induced isotope
fractionation is predicted to be totally mass dependent, as can be seen from the convection-free
thermal diffusion equations (Jones and Furry 1946; Grachev and Severinghaus 2003) or from
recent experimental results of the Ludwig-Soret effect in silicate melts (Richter, Watson et al.
2008; Huang, Chakraborty et al. 2010) (Fig. 3-1)
In this chapter, however, we are reporting a new phenomenon, i.e. non-mass dependent
(NMD) effect induced by thermal diffusion. The validation of such effect was done through a
series of precisely controlled thermal-gradient experiments on diluted O2 gas. Potential sources
of analytical artifact (e.g. H2O contamination) were exhaustively examined. We also operated
thermal-gradient experiments on both O2 and SF6 gases, in which we conducted systematic tests
for the effects of initial pressure, experimental duration and geometry of the apparatus. The data
demonstrated the ubiquity of thermal-gradient induced non-mass-dependent isotope fractionation
and resulted in an initial test for a proposed mechanism.
3.2 The Validation of Thermal Gradient Induced NMD Effect on O2 Gas
Our laboratory has been working on

17

O anomalies in terrestrial materials, particularly

sulfate oxygen, e.g. (Bao, Lyons et al. 2008). In many cases, these anomalies are small in
magnitudes and validation of the data demands meticulous tests of blanks, references, and effects
of molecular sieves used in O2 collection. Over the years, we have noticed that with or without
sieves, a temperature gradient between sample tube and the bellow on Mass Spectrometry (at
room temperature, 22℃) can result in measurable and reproducible deviations not only for the
δ’18O (≡ln (18R/18Rreference)) but also for the ∆17O (≡ δ’17O − 0.52 × δ'18O). Small variability of the
λ value failed to explain those deviations. We decided to further explore and quantify these
enigmatic triple oxygen isotope fractionation phenomena by using an apparatus that can be
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Figure 3-1. Triple stable isotope plots of δ'25Mg vs. δ'26Mg and δ'56Fe vs. δ'57Fe from thermal
diffusion experiments in silicate melts. A and B are based on data reported in Huang et al.
(Huang, Chakraborty et al. 2010); and C is based on data reported in Richter et al (Richter,
Watson et al. 2008). Symbol sizes are equal or bigger than error bars. A theoretically calculated
mass-dependent λ value is ~ 0.52 for lnαMg25/24/lnαMg26/24 or ~ 0.679 for lnαFe56/54/lnαFe57/54, very
close to what has been observed. There is apparently no non-mass-dependent isotope
fractionation during thermal diffusion for heavier elements such as Mg or Fe in high-temperature
melts.
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operated on a vacuum line. The aim of this study was not to determine if a thermal gradient will
cause isotope fractionation. It will, and this has been well established more than a half century
ago (e.g. Jones and Furry, 1946). The goal of this study is to report and to validate the first
observation that a non-mass-dependent isotope fractionation had occurred when a rarefied O2 gas
was subjected to a thermal gradient. In addition to multiple blank testing, our experiments also
examined the following variables: initial gas pressure, temperature gradient, and average
apparatus temperatures.
3.2.1 Apparatus and Procedures
We examined the mass partition and isotope fractionation of O2 gas in a simple glass
(Pyrex) apparatus as shown in Figure 3-2. Gas was loaded into the apparatus via a vacuum line at
room temperature, and then the loaded gas was confined within compartments A, B, C, D. We
allowed 10 minutes for mass and isotopes to equilibrate between compartments and then isolated
Compartment C as the onsite reference for a specific experiment. The use of an onsite reference
is important as it serves to cancel out many other factors that affect the isotope composition of
different compartments and therefore for a better comparison of data obtained from different
experiments. Liquid N2 (LN2) traps or heating tapes were used to generate a specific temperature
gradient among different compartments in the closed system. In most of the experiments, a LN 2
trap was applied to the entire compartment D while compartment A and B were at room
temperature. Accurate data on dT/dx, however, cannot be obtained in our experiments, as the
sharp gradient is confined in a narrow band on top of Compartment D (Figure 3-2), and the
apparatus is essentially composed of two interconnected compartments that are in drastically
different temperatures. The LN2 level was monitored and kept constant during the course of an
experiment. Compartments of the hotter and the colder were isolated before the removal of a
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thermal gradient at the conclusion of an experiment. All gas samples were then allowed to return
to room temperature and to be run in the dual-inlet mode on an isotope-ratio mass spectrometer
(IRMS). The Finnigan MAT 253 at Louisiana State University is equipped with Faraday cups
that are capable of simultaneously measuring mass 32, 33, and 34. Sample data were collected
only when multiple zero-enrichment runs indicated an excellent machine condition. Each sample
was run at least 4 times with 8 cycles in each run. Gas pressures on both bellows rebalanced
themselves between each run. There was no condensation of O2 gas in all experiments based on
visual inspection and on calculation from the pressure readings of the systems. The lower gas
pressure limit in our apparatus is constrained by the mass spectrometer which requires sufficient
gas pressure for a stable and accurate isotope ratio measurement.
3.2.2 Evaluation of Air and H2O Contamination, Machine Condition, and Molecular-Sieve
Effect
The O2 gas used in our experiments is of high purity (> 99.99%) and all the compartments
were heated and pumped for ~2 hours prior experiments. Contamination from air leak (N2 and Ar)
or moisture in our gas samples or in the machine is negligible based on the following lines of
evidence.
1. Reported data were all obtained when our MAT253 was in its most stable condition,
judged by initial multiple zero-enrichment runs. Sample runs reached the same level of standard
deviation (s. d.) or standard error of the mean multiplied by Student’s t test at 95% confidence
level (s. e. × t) as those of the zero-enrichment runs. All runs were conducted at mass 32 about
3000 millivolts (mv), a pressure far above the threshold pressure of 1500 mv for a good linearity
in our IRMS. For ∆17O measurement, pressure balance between the two bellows is the most
critical. A non-zero, erroneous ∆17O value could be generated if the pressures on both sides
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Figure 3-2. A schematic diagram of a closed-system apparatus. Compartment A is the
volume in between three detachable sample compartments B, C, and D. B has the largest volume
while D has the smallest. C is the compartment for onsite reference. Compartment A, B. C, and
D have a volume of 17, 60, 30, and 7 ml, respectively. Temperature gradient was applied within
approximately 0.13 cm2 cross section on top of Compartment D.
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different by more than 500 mv, particularly if it is at low running pressures. The gas pressures on
both sides have been programed to run within a difference of less than 30 mv for all our runs.
2. Mass 18 (moisture) and mass 28 (N2) peak intensities are less than 0.1% and 0.3% of the
mass 32 (O2), respectively, in all our measurements. As O2 gas (the

18

O) will add to the H2O

peak at mass 18 during mass scan, the signal ratio of H2O/mass-32 was obtained by replacing O2
gas with ultra-high-purity (UHP) helium gas of the same pressure at the same experimental
condition and mass-spectrometry settings. These are the typical H2O and N2 signals in our
sample gases. These signals also do not change for a gas sample before and after a thermalgradient experiment.
3. We scanned mass 18 and 32 for the machine background (no gas), the sample gas, and
the reference gas for some runs throughout the 12-month experimental period. The machine
background had a typical 2.5 to 3 mv signal for mass 18. When O2 was loaded and bellows
compressed to have mass 32 at ~ 3500 mv, the mass-18's intensity increased only to 4 or 5 mv,
identical for both the sample and the reference sides. All signal readings were from the same cup
#1.
4. Heating or cooling of an entire vessel with rarefied O2 gas sealed in was conducted in
order to test if such effect may be caused by isothermally heating or cooling procedure. No 17O
anomaly was found in compartmentalized gas samples when no temperature gradient was
applied (Appendix Table B-2).
5. No 17O anomaly was found for O2 in either of the compartments if compartments of the
hotter and the colder were left open to gas exchange after the removal of a thermal gradient
(Appendix Table B-2).
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6. H2O or other contaminants cannot explain the fact that the observed

17

O anomalies

decrease with increasing initial gas pressures in experiments. Most importantly, the anomaly
disappeared above a pressure threshold, in this case, at ~ 180 Torr (Figure 3-3).
Molecular-sieved (5Ǻ) sample tubes were used for collecting O2 gas in the Compartment B
and A for measurements. Molecular sieve is known to cause small shifts in δ17O or δ18O value
(Abe 2008). Prior to the study, we tested the effect of sieve and found that there is no measurable
shift in either the δ'18O or the ∆17O if the sieve weight is within 60 to 200 mg for a 10 micromole
sample of O2. A few of the O2 sample were collected outside this ideal range of sieve-mass to
gas-mole ratio, which may introduce a deviation of ca 0.1‰ in the δ18O but no effect on the
∆17O, as was also observed by Abe et al.
3.2.3 Results
We found a series of measurable non-mass-dependent isotope fractionation for O2 in a
closed system subjected to a thermal gradient. All reported data (Appendix Table B-2) were
generated from the same apparatus (Figure 3-2) and were normalized to those from
Compartment C, which represents the onsite reference of the system before a temperature
gradient was imposed. The s. d. and s. e. × t for both the δ18O and the ∆17O are at ±0.03‰ (1σ)
and ±0.01‰, respectively. Note that the λ value for a thermal-gradient process could slightly
differ from 0.52. However, due to the very small magnitudes of fractionation in our study (i.e.
small δ18O values) (Appendix Table B-2), different λs can only introduce Δ17O variations very
close to their corresponding analytical errors and thus our observed isotope anomalies cannot be
attributed to the small λ variation within the mass dependent fractionation realm.
The most negative ∆17O value is –0.51 ± 0.01‰ (s. e.× t, the same below), measured at
Compartment D, which was at the cold end of a –196°C/22°C temperature gradient for 10
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minutes with an initial O2 gas pressure at 7 Torr. The magnitude of the 17O anomalies reaches ca.
17 times of the measurement s. d. (1σ) or up to 50 times of the s. e. × t for the Δ17O. Note that
blank tests indicate that gas in the apparatus was isotopically homogeneous initially and no

17

O

anomaly was found in compartmentalized gas samples when no temperature gradient was
applied. There are a series of reproducible relationships between the δ18O or Δ17O values and the
experiment variables. The ∆17O is the function of initial gas pressure (Figure 3-3), temperature
gradient, and average temperatures (defined as the sum of the temperatures weighted by the
fraction of its corresponding volume) of the apparatus (Figure 3-4). Specifically, we observed
that when other variables were fixed, the Δ17O in the colder end becomes more negative with
decreasing initial system pressure (Figure 3-3). A larger temperature gradient or a colder average
temperature increases the magnitude of 17O anomalies (Figure 3-4).
For each experiment, we have data for the colder and the hotter compartments. We can plot
δ'18O vs. δ'17O and obtain slopes, the process-based λ value. There is a large range in slope values
for the O2 experiments. There is a consistent pattern, however. The slopes for δ’17O/δ’18O are
always lower than 0.52, the canonical λ value. Plotting all data together, we have an overall slope
of 0.43 for δ'17O/δ'18O (Figure 3-5).
3.2.4 Mass Balance Examination
Due to the accuracy of the volume estimation and the manometer detection that is sensitive
to temperature, we did not use the traditional evaluation of mass balance,
i.e. Mhot* δ'18Ohot+ Mcold* δ'18Ocold=zero. Instead, we compare each pair of data (hotter vs. colder)
on the δ'18O-δ'17O space with their onsite reference (Compartment C) as the origin. The straight
line will have interceptions on the x and the y axes. As shown in Appendix Table B-3, the
interceptions are smaller than 1σ for most of the experiments (9 of the 16 in O2 experiments). For
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4 of those O2 experiments whose interceptions deviate beyond 2σ, they all had relatively higher
gas pressures than others, which may have overwhelmed the molecular sieve’s capacity during
the collection of gas in the warmer end. These deviations, however, do not affect the reported
anomalies in the colder compartment (D), and do not significantly affect the slope values or their
ranges reported and discussed in this study. The apparent triple oxygen isotope mass balance
observed in a pair of data also argues against the possibility that contaminants were the cause of
the observed 17O anomalies.
3.2.5 Discussion
When applying a temperature gradient to a gas in a closed system, an initially density- and
temperature-homogeneous gas will undergo a re-equilibration process, in which the colder end
will have a higher mole fraction of gas per volume than the hotter end. Although mass (the O2) is
confined in the system (i.e. a closed system), external energy is influencing the gas constantly via
heat transfer during our thermal-gradient experiment (i.e. not an isolated system). Stable isotope
fractionation will occur under a thermal gradient, as have been well established long ago (Jones
and Furry 1946). We have established the authenticity of the unexpected 17O anomalies observed
in our thermal-gradient experiments. Multiple-style blank tests in experiments and on the IRMS,
isotope mass balance, consistent and reproducible patterns in observed data all argue
independently and concertedly against a possible contaminant (e.g. H2O) or IRMS itself as the
cause of the observed non-mass-dependent isotope signals.
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Figure 3-3. Relationships between the ∆17O and initial O2 gas pressure in our apparatus.
The plotted data are for O2 from Compartment D at –196°C (liquid N2) under different initial O2
pressures while compartments A+B were at room temperature (+22°C). Experiments lasted 10
minutes for all. Error bar (s. e. × t) for ∆17O is ± 0.01‰, smaller than symbols. Other variables
fixed, the Δ17O in the cold compartment becomes more negative with decreasing initial system
pressure.
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A solid mechanism would be required to ultimately ratify these data. The pronounced
pressure effect, the existence of a pressure threshold, and the lower than 0.52 λ values all indicate
the existence of additional factors beyond just the mass differences in the diffusion coefficient of
the three oxygen isotopes, the 16O, 17O, and 18O.
Cryogenic separation or collection of gases is routinely used in studying stable isotope
fractionation. Partial collecting and sample aliquoting often occur. It is well known among
practitioners that the δ18O will shift slightly and therefore precautions were in place. However,
the possibility that the ∆17O might also be changed during these operations was not known. This
is especially important in light of the recently expanding research interests into small ∆ 17O
variability observed in many oxygen-bearing compounds (O2, H2O, and SO42-) in nature, in
which accurate measurement of the ∆17O is critical to the ability to resolve many science
problems (Barkan and Luz 2005; Luz and Barkan 2005; Barkan and Luz 2007; Bao, Lyons et al.
2008).
3.3 Systematic Tests of Thermal Gradient Induced NMD Effect on O2 and SF6 Gases
3.3.1 Experimental Procedures
We conducted our experiments in a Pyrex enclosure that has three parts, one small, one
bigger, and one for onsite reference gas (Figure 3-2). We had two sets of experiments that differ
in geometry: a “small-cold” and a “small-warm” method. The “small-cold” experiment has a
volume of 77 mL for the room temperature (22°C) and a volume of 7 mL for the liquid nitrogen
(LN2, −196°C) (a cold : warm volume ratio of 1:11). The “small-warm” experiment for O2 was
conducted on a modified enclosure which has a volume of 24 and 60 mL for room-T
(compartment A and D) end and the LN2 end (compartment B), respectively (a cold : warm
volume ratio of 5:2). The experiments on SF6 used the same two enclosures, except that the
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Figure 3-4. A) Relationship between Δ17O values and their corresponding compartment
temperatures (T); B) Relationship between Δ17O values and the temperature difference between
the hotter and colder compartments (ΔT), where circles denote cases with ΔT =127°C
(−105/+22°C and +22/+149°C) and squares with ΔT=215°C (−193/+22°C and +22/+237°C).
The plotted data are all from cases where Compartment D was in the colder end while
compartments A+B were at the hotter end of the thermal gradients. All experiments had an initial
pressure of 20 Torr and lasted 10 minutes. Error bar (s. e. × t) for Δ17O is ± 0.01‰, smaller than
the symbols. Other variables fixed, the Δ17O in the colder compartment becomes more negative
with increasing temperature difference or decreasing overall temperatures in the apparatus.
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colder end was in ethanol slush (−55°C) (instead of LN2 for O2) while the warmer end at 22°C or
140°C. There was no condensation of O2 or SF6 gas in all experiments based on visual inspection
and supported by pressure reading of the systems. There were three physical parts in an
enclosure: the colder, the warmer, and the onsite-reference. Gas was loaded into the whole
enclosure at room temperature; 10 minutes were given before the onsite reference was isolated.
One portion of the enclosure was then submerged into a cold trap while the other left in room or
warmer temperature for a specific duration in which the gas was allowed to move freely between
the colder and warmer compartments. A drastic change in temperature occurred at the interface
between the cold and the warm sections. The exact thermal profile near this interface is not
known, but is expected to be nonlinear and limited in length due to the poor thermal conductivity
of the Pyrex glass. The colder and warmer parts were isolated for isotope measurement before
the thermal gradient was removed from the enclosure.
Isotope mass balance between colder and warmer compartments was examined for both O2
and SF6 experiments. When the data are examined by groups, the “cold” and “warm” groups are
in opposite quadrants linked by a straight line going through the origin (within 1σ of the δ 17O or
the δ33S) for both “small-cold” and “small-warm” methods. When the data are examined by
individual pairs, most pairs achieved mass balance while others did not with explicable causes
(Appendix Table B-4).
We also conducted O2 experiments using a stainless-steel enclosure similar to the “small
cold” Pyrex one to examine potential material or surface effect.
All O2 and SF6 were analyzed in Oxygen Anion Stable Isotope Consortium at Louisiana
State University, on a isotope-ratio mass spectrometry (IRMS) (Finnigan MAT 253), which is
equipped with eight Faraday cups that are capable of a simultaneous measurement of mass 32, 33,
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and 34, or mass 127, 128, 129, and 131. SF6 measurement was done after O2 measurement to
avoid memory effects of S on O2. Impurities, such as N2 or H2O, were evaluated and considered
to be negligible (Sun and Bao 2011). The importance of measuring an onsite reference for each
experiment cannot be over-emphasized because the onsite reference is not only the “zero” of
both colder and warmer samples but also slightly variable in its isotope composition depending
on the way aliquots were taken.
All reported data have standard deviations (s. d.) (n =>32) and standard error of the mean
multiplied by Student's t-factor for a 95% confidence level (s. e.× t) (Appendix Table B-5). The λ
values used for the calculation of the Δ values are 0.52, 0.515, and 1.91 for Δ17O, Δ33S, and Δ36S,
respectively. Note that the λ value for thermal-gradient induced fractionation could differ slightly
from these chosen values. However, due to the very small magnitudes of fractionation (i.e. small
δ18O or δ34S values), different λs can only introduce Δ17O, Δ33S, and Δ36S variations very close to
their corresponding analytical errors and thus our observed isotope anomalies cannot be
attributed to the small λ variation within the mass dependent fractionation realm.
Various initial pressures were tested for both O2 and SF6. Anticipating the dynamic nature
of gas diffusion in a thermal gradient, we also explored the changing mass and isotope
composition with respect to experimental duration for O2 in both “small-cold” and “small-warm”
methods. All reported data are normalized to the data for the onsite reference gas in each
experiment.
3.3.2 Results
We found that the magnitude of the anomalies, measured by the parameter Δ17O, reached
+0.79‰ (1σ = 0.03 or s. e. × t (standard error of the mean multiplied by Student's t-factor at a 95%
confidence level) = 0.01). The highest Δ33S (≡ δ’33S − 0.515 × δ’34S) reached −0.111‰, which is
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7 times the analytical s. d. (1σ =0.018) or 16 times of the s. e. × t. Here the δ’ for sulfur and for
oxygen are similarly defined. Similar to O2, multiple sulfur isotope composition varies with
initial pressure and geometry of the enclosure.
Several outstanding patterns can be highlighted from our thermal-gradient experiments.
Other variables fixed, both the ∆17O and ∆33S are negative in the colder end whereas both are
positive in the warmer end (Figure 3-6 and 3-7). The magnitude of the anomaly increases
consistently with decreasing gas pressure for both O2 and SF6 (Figure 3-7).
There appears to be a threshold pressure of ca. 200 Torr for O2 or ca. 70 Torr for SF6 in the
experiments, above which the

17

O or

33

S anomalies disappeared (Figure 3-7). While the mass

ratio of the gas, the δ18O, and the ∆17O all have reached a steady state within 10 minutes in the
“small-warm” method, neither the δ18O nor the ∆17O reached steady state in the “small-cold”
method within 1 hour (Figure 3-6). The Δ36S values are all within the standard deviation of our
measurement (i.e. 1σ = 0.30‰) (Figure 3-8). Thus, we conclude that we do not observe a distinct
36

S anomaly in our thermal diffusion experiments. However, small deviations and a weak

correlation with the Δ33S seem to exist if we consider the s. e. × t of our measurement (Figure 38). Finally, for each experiment, we have data for the colder and the warmer compartments. We
can plot δ'18O vs. δ'17O or δ'34S vs. δ'33S and obtain a slope that goes through the origin (the
onsite reference gas). There is a large range in slope value for the O2 and the SF6 experiments.
However, a consistent pattern is that the slope for δ'17O/δ'18O space is always lower than 0.520
whereas for δ'33S/δ'34S it is much higher than 0.515. Evaluating data according to the “small-cold”
and “small-warm” methods, we have overall slopes of 0.27 (R2 =0.82) and ‒0.11 (R2 =0.24)
respectively, for δ'17O/δ'18O, and 1.33 (R2 =0.95) and 1.36 (R2 =0.56) respectively, for δ'33S/δ'34S
(Figure 3-9).
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A test using enclosures made of stainless-steel instead of Pyrex resulted in similarly

17

O-

anomalous data for O2 (data not reported here).
3.3.3 Discussion
A theory that can satisfactorily describe thermal diffusion phenomenon has been sought
for more than hundred years. Progress was made recently on Soret effect (Huang, Chakraborty et
al. 2010; Dominguez, Wilkins et al. 2011), a thermal diffusion effect in silica melts. Mass
dependent relationship was predicted and observed for multiple Mg or Fe isotopes in melts.
Theory on thermal diffusion of dilute gas molecules, however, has been less well established.
The rigorous Chapman-Enskog kinetic theory (Chapman and Cowling 1991) is often cited, along
with less well recognized ones (e.g. (Furth 1942)), for the behavior of gas in a thermal gradient.
Observation rarely fits theory well. The difficulty lies in that thermal diffusion depends on how
the intra- and inter-molecular forces act. Is the collision elastic? Can we treat molecules as rigid
sphere/symmetrical structure? Is the collision integral the same value for all isotopologues? No
significant progress on theoretical side has been made since ~60 years ago (see review by
(Mason E.A. 1966)). Although the mechanism of gas thermal diffusion is not well quantified by
theory, for a binary isotope mixture, the isotope fractionation factor associated with thermal
diffusion α is proportional to (M1-M2)/(M1+M2) (Holleran 1955; Grachev and Severinghaus
2003). Taking O2 as example, M is the reduced mass for different isotopologues, 1 represents the
light isotope 16, and 2 represent heavy ones, 17 or 18. If we apply this relationship to multicomponent system for 16O-17O-18O, we should predict that
α17O/α18O≈(32-33)(32+34)/(32-34)(32+33)=0.508,
which is within the canonical mass exponent range for mass-dependent triple oxygen isotope
system. However, the reported data are clearly beyond what a mass-dependent fractionation
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process could produce. The λ values in our thermal-gradient experiments (Figure 3-9) are far
beyond the canonical value and need to be explained. Anomalous isotope behaviors were
observed in some of the earlier studies involving thermal diffusion of gases. For example, It was
reported that during the thermal diffusion of CO2 gas,

16

O-13C-16O and

16

O-12C-17O did not

fractionate along the same direction against the major molecule 16O-12C-16O (Becker and Beyrich
1952) . They attributed this phenomenon to the asymmetrical molecular structure of some of the
CO2 isotopologues. Similar observation was obtained for CO thermal diffusion experiments as
well (de Vries and Haring 1964)Note that the mass-anomalous phenomena may not apply to
multiple isotopes of one element because the resolution of the measurement was poor at that time.
If the asymmetrical molecular structure among those isotopologues is the actual cause of nonmass dependency, we should expect no NMD effect for symmetrical molecules. However, our
observations on purely symmetrical SF6 gas molecules argue against such scenario. In general,
thermal diffusion tends to move heavy isotope to the cold end, however, at some circumstance,
the reversal of the sign could occur, i.e. heavy isotope may concentrate in the hot end (Grew,
Johnson et al. 1954). Thus, one possible explanation of our observation is that different
isotopologues may not have synchronous transition for the reversal of the diffusion direction.
Such effect is temperature and pressure dependent, mostly expected to be seen around the
condensation point of a molecule. However, NMD effect is also observed at much higher
temperature ranges in our experiments, which demands a different explanation.
As outlined by Bigeleisen (1996),
ln α = ln α0 + ln Kanh + ln KBOELE + ln Khf + ln Kfs
α0 is the classical mass-dependent isotope fractionation factor. The correction terms include Kanh,
the anharmonic vibration correction, KBOELE, the correction to the Born-Oppenheimer
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approximation, Khf, the nuclear spin or hyperfine effect, and Kfs, the nuclear field shift effect. For
light elements such as oxygen and sulfur, lnKanh is insignificant, occurring only at 1% of lnα0
even for 2H/1H exchange reaction (Bigeleisen 1996). KBOELE should be more important for light
elements than for heavy ones, but was determined to only result in mass-dependent fractionation
(Bigeleisen 1996). Kfs is negligible for light elements. Even for the moderately heavy element
sulfur, the estimated fractionation for

32

S–

36

S is at ~0.02‰ (Schauble 2007). Finally, Khf is

only known to be significant in reactions involving radicals undergoing spin conversion or under
a magnetic field (Turro 1983).
Based on our data set, we record distinct NMD effect for 17O, 33S but not 36S. We propose
here that a sharp temperature gradient amplifies Khf and perhaps other non-mass-dependent
isotope effects for rarefied molecular gases (7 to 190Torr) in a closed system. The core of our
hypothesis is based on an earlier study showing that nuclear spin can affect the diffusion
coefficient of gas molecules (Kagan and Maksimov 1962; Hess and Waldmann 1966; Beenakker
1968). The mean free path, which is related to the diffusion coefficient, is averaged over the
collision cross section for nonmagnetic nuclei while averaged over all the orientations of the
cross sections for molecules with nuclear spin, because interactions between the nuclear spin and
the angular momentum (spin–rotational interactions) can result in alignment anisotropy in a
diffusion gradient. For most physicochemical processes including gas diffusion, the difference in
nuclear spin among isotopologues can be ignored because molecular collisions are dominant and
molecular alignment is isotropic in a given reaction system. However, when a strong external
gradient such as magnetic field, electric field, or temperature gradient is forced upon an
otherwise homogeneous gas system, molecules with nuclear spin tend to precess around the total
angular momentum of the molecules (Zel'dovich and Maksimov 1976; Zel'dovich, Buchachenko
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et al. 1988). For the elements oxygen and sulfur, only two nuclei have non-zero nuclear spin (I):
17

O (I = +5/2, at a sensitivity of 1.07 ×10-5 vs. 1H) and 33S (I = +3/2, at a sensitivity of 1.71 ×10-5

vs. 1H) (Lide 2009). In our experiments, a sharp temperature gradient resulted in diffusion fluxes
due to the coupled concentration and thermal gradient. Thus, strong alignment anisotropy may
have occurred and produced a change in the diffusion coefficient among different isotopologues
of O2 or SF6 that was independent of mass. This nuclear-spin factor on gas diffusion coefficient
was never considered in any previous theory on thermal diffusion and thus non-mass-dependent
effect cannot be derived from existing thermal-diffusion induced isotope fractionation theories.
While our proposed mechanism is qualitative and requires theoretical treatment and
testable predictions on isotope effect, the hypothesis is consistent with the observed pronounced
pressure effect on the ∆17O or the ∆33S, whose magnitude increases with decreasing pressures,
and with the fact that there is a threshold pressure above which there will be no anomaly.
Zel'dovich & Maksimov (Zel'dovich and Maksimov 1976) predict that the spin effect on gas
diffusion will only be detectable at pressures lower than 1 Torr in their molecule-atom collision
system. Our experimental gas pressures were, however, one magnitude higher than 1 Torr. The
detection of spin effect at these higher pressures can probably be explained by 1) an
amplification effect of a sharp temperature gradient and/or 2) a great sensitivity of the multiple
isotope system in detecting the spin effect in gas diffusion. Also as predicted, a spin effect will
not be expressed at all in a highly viscous medium such as a silicate melt (Richter, Watson et al.
2008; Huang, Chakraborty et al. 2010) despite the presence of a thermal-gradient.
Our hypothesis is also consistent with the observation that there is no distinct 36S anomaly
(i.e. the ∆36S are all within 1σ of zero) in the SF6 experiments (Figure 3-8) because

36

S has no

nuclear spin. There is a weak correlation (R2 = 0.79) between the Δ36S and the Δ33S when
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evaluated by s. e.× t (Figure 4), however, suggesting that it might be too early to dismiss other
non-mass-dependent effects at this moment. Perhaps the small Kfs for sulfur (Schauble 2007) is
similarly amplified in a thermal gradient. It is known that the δ'36S of natural sulfur isotope
abundance is notoriously difficult to measure to a high accuracy with current mass spectrometry
techniques. In addition, SF6, a symmetrical molecule, and O2, a linear one, both have non-massdependent anomalies, suggesting that molecular shape is not a critical factor. The fact that
similarly 17O-anomalous data were obtained from an enclosure made of a different material (i.e.
stainless-steel) also argues for the universality of thermal-gradient induced non-mass-dependent
isotope effect.
The same sign for Δ33S and for Δ17O but opposite signs for δ’34S and for δ’18O in a given
geometry in the experiments (Figure 3-6 and 3-7) are intriguing observations that require a
quantitative theory. In particular, the

34

S on the colder side was in fact depleted, which is

opposite of the behavior of 18O in O2 experiments. One possibility is that a thin-film of solid SF6
might have formed in the colder site, consistent with a recently reported SF6’s reverse vapor
pressure isotope effect (Eiler, Hofmann et al. 2010). However, the operating gas pressure and
temperature made it unlikely. Another possibility is that the diffusion coefficient for specific
isotopologues may change its sign under certain conditions during thermal diffusion (e.g. (Grew,
Johnson et al. 1954)). The complex, non-linear relationships between the δ’ or ∆ value and the
experimental duration for O2 (Figure 3-6) suggest that the behavior of gas molecules was highly
dynamic and the observed δ's or ∆s may or may not have reached a steady-state value over a
certain experimental period depending on geometry of the enclosure. A future quantitative theory
will also have to account for the different slopes between the δ'18O-δ'17O and the δ'34S-δ'33S
spaces (Figure 3-9).
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At current stage, the priority should be the examination of the nuclear spin on thermal
gradient induced NMD effect. Careful tests should be conducted on SF6 gas in order to confirm
or negate the currently equivocal observation on 36S anomaly. Monatomic inert gases may be our
best bet in differentiating between structural effect and nuclear spin effect during thermal
diffusion, however, the analytical precisions on such gas molecules have not be satisfying.
3.3.4 Implications
Our discovery highlights the peculiar role that a thermal gradient may play in stable
isotope fractionation in rarefied gases. One of the important implications is on the origin of triple
oxygen isotope heterogeneity (Clayton 1993; Young, Kuramoto et al. 2008) or small

33

S

anomalies found in various meteorites (Rai, Jackson et al. 2005) in the Solar system. The debate
is far from over as experimental testing has been difficult for many of the alternative hypotheses.
We have shown here that a sharp thermal gradient can generate measurable 17O anomalies for O2
or SF6 gas. It is logical to assume that there must be similar thermal-gradient effects on the triple
oxygen isotope composition of CO and H2O or on quadruple sulfur isotope composition of H2S
and SiS, the major oxygen- or sulfur-bearing gas species in molecular clouds or in nebulae (van
Dishoeck 2004; Pasek, Milsom et al. 2005). Complex thermal structures and histories exist in
protoplanetary discs (Cassen 2001; Hasegawa and Pudritz 2010). It is conceivable that the
thermal-gradient effect on

17

O or

33

S may be significant in zones of low gas density, sharp

temperature gradients, but little turbulence-induced mixing. The effect of thermal diffusion on
mass transport was anticipated earlier to be “quite conspicuous” for ionized gases (such as solar
corona) (Chapman 1958) but unimportant in neutral gaseous nebulae (Aller and Chapman 1958).
The magnitude and sign of the anomalies are important information for future model testing. It
should be noted, however, that our experiments only explored a limited set of variables whereas
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the observed meteorite data are the results of elemental fractionation processes, dynamics of
nebular processes, and reservoir effects (e.g. transport and condensation). Thus, at this time, we
cannot predict that meteorites with

17

O-enrichment had to form in warmer parts of the solar

nebula, nor can we put constraints on the temporal and spatial scales of the required thermal
gradient that may have been responsible to the observed 17O heterogeneity in the nebula.
Our data also provide clues to some of the puzzling non-mass-dependent fractionation
observed in experiments. Recently, Eiler et al (Eiler, Hofmann et al. 2010) reported a “massanomalous” isotope effect during a set of SF6 solid-vapor equilibrium experiment. Considering
that the 33 value under a thermal gradient can be at 1.36 (Figure 3-9), Eiler et al's 33 value of
0.56 can be alternatively interpreted as a mass-dependent phase equilibrium process with 33 at
ca. 0.51 superimposed by a non-mass-dependent thermal diffusion process that has a 33 >> 0.51,
as we might assume that sharp thermal gradients might be present in Eiler et al’s SF6 phase
change experiments. Also, other interesting findings reported in the literature (e.g. (Miller,
Franchi et al. 2002)) can be re-evaluated in light of our report. Finally, the thermal-gradient
induced non-mass-dependent effect is best detected using a gas like O2 or SF6 owing to its multiisotope system and a lack of isobaric interferences. This does not mean, however, that the nonmass-dependent thermal-gradient effect should be confined to these gases or isotope systems. In
fact, the effect is predicted to exist in any rarefied gas molecules that have spin differences. In
this regard, it might be interesting to examine the thermal-gradient effect on the diffusion of
multiple-substituted isotopologues of H2O (Luz, Barkan et al. 2009) or CO2 (Eiler 2007).
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APPNEDIX B
TABLES
Table B-1. Isotope compositions (∆17O, δ18O, δ34S) of sulfate of surface regolith, gravel deposits
and supergene oxide zone, and major anion concentrations within gravel deposits, Spence, north
Chile
Sample
name

Depth/
m

δ18O
‰

∆17O
‰

δ34S
‰

[SO42-]
ppm

[NO3-]
ppm

[Cl-]
ppm

SAT-14P

1

7.5

0.27

4.2

151509

3.1

68.8

SAT-15.1

15.1

8.5

0.28

5.2

96074

46.0

1578.7

SAT-15.8

15.8

8.8

0.38

26503

149.2

2833.3

SAT-16.7

16.7

9.3

0.25

34691

33.5

407.7

SAT-17.2

17.2

9.1

0.25

36542

233.9

2657.9

SAT-19.0

19

10.3

0.26

89922

41.5

759.8

SAT-19.7

19.7

8.1

0.30

48761

22.6

580.0

SAT-21.0

21

8.9

0.29

84890

31.0

700.8

SAT-22.6

22.6

8.9

0.22

68792

30.6

594.7

SAT-23.4

23.4

8.8

0.31

40110

26.8

566.5

SAT-26.0

26

9.0

0.15

69898

6.2

157.8

SAT-27.2

27.2

8.3

0.28

34015

48.2

612.8

SAT-28.2

28.2

6.6

0.24

64937

15.4

376.8

SAT-29.8

29.8

4.5

0.27

73639

18.5

425.2

SAT-30.8

30.8

5.2

0.34

9720.8

23.4

242.7

SAT-33.7

33.7

4.6

0.37

6709.9

9.9

346.4

SAT-34.5

34.5

6.8

0.17

3152.3

2.3

126.7

SAT-37.5

37.5

7.2

0.29

108908

46.2

1818.1

SAT-38.3

38.3

7.6

0.26

52236

31.0

1222.0

SAT-39.0

39

5.6

0.23

3.4

41086

108.3

4622.1

SAT-41.4

41.4

6.3

0.16

2.9

63821

84.3

3526.4

SAT-46.1

46.1

7.1

0.23

2.8

30885

55.8

2291.0

SAT-51.35

51.35

10.1

0.13

2.7

77843

5.4

263.7

5.2

5.3

2.2

2.5

73

Table B-1 continued
SAT-56.5

56.5

10.2

0.04

3.5

SAT-58.95

58.95

SAT-64.1

64.1

10.1

-0.04

2.5

SPN4-gyp

80

14.4

-0.08

4.0

SPN2-gyp

100

17.7

-0.05

4.5

SPN5-gyp

110

15.9

-0.11

4.4

SPN6-gyp

110

16.8

-0.14

4.1

0.03

74

10740

6.8

370.7

58919

9.1

465.7

7322.7

9.6

510.7

Table B-2. Pairs of the triple oxygen isotopic composition of O2 gas in the colder and the hotter
ends under different experimental conditions, with blank tests reported in the end. The δ'*O is
defined as ln (R*/R*onsite reference), where the * refers to mass number 17 or 18. Compartment D is
the colder end and A+B the hotter end.
€
The gas molar ratio of the hotter end vs. the colder end at the conclusion of an experiment,
based on pressure readings on the mass spectrometer (in a fixed volume and at room temperature)
and calculated compartment volume (error at ~ ±10%).
$
Blank tests; these were done by running O2 from isolated compartments while under
different temperatures for 20 minutes. There was no gas exchange among compartments.
#
Blank test; This was done by letting O2 in the apparatus to go through 22°C /−196°C
temperature gradient for 10 minutes with gas freely exchanging among compartments as did in
most of the experiments. Compartment C was isolated as the onsite reference. The other
compartments, however, were not isolated before the removal of the temperature gradient. Thus,
the measured gas was the re-homogenized gas after the whole apparatus returned to room
temperature. None of the blank tests resulted in any measurable 17O anomalies.

Initial
17

δ' O
Sample

18

δ' O

17

∆ O

T (⁰C)

Duration

Mole

(Hour)

ratio€

73

0.17

3.3

65

0.17

3.7

40

0.17

3.4

20

0.17

3.4

15

0.17

4.1

7

0.17

N/A

Pressure
(‰)

(‰)

(‰)
(Torr)

−196

0.12

0.52

−0.14

22

0.03

−0.01

0.03

−196

0.12

0.52

−0.14

22

−0.01

−0.19

0.08

−196

0.11

0.53

−0.16

LO-70T10m

LO-60T10m

LO-40T10m
22

−0.05

−0.16

0.04

−196

0.03

0.69

−0.32

22

−0.01

−0.19

0.08

−196

0.09

0.88

−0.37

22

−0.04

−0.24

0.08

−196

−0.02

0.94

−0.51

LO-20T10m

LO-15T10m

LO-7T10m

75

22
−105

Not available (N/A)
0.62

1.47

−0.15

LO-(22 to -105C)
22

−0.04

−0.17

0.04

22

0.98

1.99

−0.06

LO-(149 to 22C)
149

−0.04

−0.03

−0.02

−196

0.03

0.69

−0.32

22

−0.01

−0.19

0.09

22

1.37

2.97

−0.17

LO-(22 to -196C)

LO-(237 to 22C)

20

0.17

6.7

20

0.17

6.9

20

0.17

3.4

20

0.17

6.7

237

−0.13

−0.33

0.04

LO-BLK-A$

22

−0.01

0.01

−0.01

0.17

LO-BLK-A+$

300

0

0.01

−0.01

1

LO-BLK-B$

22

−0.01

0

−0.01

0.17

LO-BLK-C$

22

0

0

0

0.17

LO-BLK-D$

22

0.01

0.04

−0.04

0.17

LO-BLK-D−$

−196

0.01

0.01

0

0.3

0.01

0.02

0

0.3

0

0

0

20

22
LO-BLK-reset#
−196
LO-BLK-reset-C#

22

76

Table B-3. X- and Y-interceptions for pairs of data on δ'18O−δ'17O space the onsite reference as
the origin, calculated for each experiment.
Sample name

x-intercept (δ'18O, ‰)

y-intercept (δ'17O, ‰)

LO-70T10m

−0.16

0.03

LO-60T10m

−0.12

0.02

LO-40T10m

0.04

−0.01

LO-20T10m

0.05

0.00

LO-15T10m

0.14

−0.02

LO-7T10m

N/A

N/A

LO-(22 to -105C)

−0.05

0.02

LO-(149 to 22C)

0.04

−0.02

LO-(22 to -196C)

0.07

0.00

LO-(237 to 22C)

−0.03

0.02

Analytical s.d. (1σ)

0.03

0.05
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Table B-4. Mass balance examination on thermal-gradient experiments using O2 and SF6. Due to
the large volume difference and the errors associated with volume estimation and pressure
reading on the mass spectrometer, absolute calculation of mole × δ’ or ∆ cannot give us a good
mass balance check. Instead, we use an “intercept approach”. In a perfect isotope mass balance
scenario, a straight line linking each pair of data should go thought the origin (the onsite
reference). In most cases the line will have intercepts on the X and the Y axes. As long as the
intercepts are within 2σ of the analytical s. d., isotope mass balance is judged to be achieved. In
all 33 individual pairs for O2, all intercepts on the δ’17O (Y) axis are within 2σ. However, 18 of
the 33 pairs have intercepts on the δ’18O (X) axis that are beyond the 2σ value. We found that all
these cases have a common feature: the δ’17O values are close to the origin, within 1σ. When
sieve capacity and/or mass spectrometer introduced errors for the δ’17O in this situation, the
straight line becomes increasingly parallel to the X axis, creating a falsely large intercept on the
X axis. We conclude that this is an inherent flaw in the “intercept approach”, not a failure of
isotope mass balance test. For SF6, all intercepts are within 1σ of the δ’33S and 2σ of almost all
δ’34S.
Sample name

x-intercept (δ'18O,‰)

y-intercept (δ'17O,‰)

LO-190T10m

0.018

0.009

LO-190T40m

−0.03

0.01

LO-190T60m

0.003

−0.001

LO-70T10m

−0.16

0.03

LO-60T10m

−0.12

0.02

LO-60T20m

−0.1

0.03

LO-60T40m

−0.06

0.02

LO-60T1H

0.13

−0.03

LO-60T1.5H

0.07

−0.01

LO-60T5H

−0.01

0.00

LO-60T10H

−0.01

0.003

LO-40T10m

0.04

−0.01

LO-40T20m

−0.18

0.03

LO-40T40m

−0.006

0.000
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Table B-4 continued
LO-40T1H

0.3

0.05

LO-40T1.5H

0.20

−0.04

LO-40T5H

−0.17

0.04

LO-40T10H

0.03

−0.01

LO-20T10m

0.05

0.00

LO-15T10m

0.14

−0.02

LO-7T10m

N/A

N/A

LO-190T10mr

−0.05

0.02

LO-190T40mr

0.2

−0.04

LO-40T10mr

−0.06

0.008

LO-40T20mr

0.8

−0.03

LO-40T40mr

−0.9

−0.04

LO-40T60mr

0.3

−0.03

LO-20T10mr

−0.2

−0.06

LO-20T20mr

−0.14

−0.04

LO-20T40mr

−0.1

−0.03

LO-20T60mr

0.09

0.02

LO-7T10mr

0.01

0.00

LO-7T60mr

0.00

0.00

Analytical s. d. (1σ)

0.03

0.05

Analytical s. e.× t

0.01

0.02
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Table B-4 continued
Sample name

x-intercept (δ'34S,‰)

y-intercept (δ'33S,‰)

SF6-40T10m

−0.00

0.001

SF6-30T10m

0.02

−0.01

SF6-10T10m

−0.02

0.01

SF6-10T10mr

−0.00

0.02

SF6-40T10mr

−0.01

0.02

SF6-60T10mr

−0.00

0.03

Analytical s. d. (1σ)

0.009

0.02

Analytical s. e.× t

0.003

0.007
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Table B-5. Analytical errors for individual isotope composition in experiments, determined by at
least four repeated runs of the same sample with 8 cycles in each run (n => 32). The errors are
smaller for the Δ17O or Δ33S than for their corresponding δ values due to co-variations during
measurements. The exception seen in the Δ36S may be due to contaminants.
Isotope composition

δ'17O

δ'18O

∆17O

δ'33S

δ'34S

δ'36S

∆33S

∆36S

s.d. (1σ), ‰

0.05

0.03

0.03

0.020

0.009

0.146

0.018

0.30

s. e.× t, ‰

0.02

0.01

0.01

0.007

0.003

0.052

0.007

0.11
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Table B-6. Pairs of the triple oxygen isotopic composition of O2 gas in the colder and warmer
ends under different experimental conditions. The δ'*O is defined as ln (R*/R* onsite reference),
where * refers to mass number 17 or 18 and R is 18O/16O or 17O/16O. The Δ17O ≡ δ'17O − 0.520 ×
δ'18O. €The gas mole ratio of the warmer reservoir and the colder reservoir at the conclusion of
an experiment, based on pressure readings on the mass spectrometer (in a known volume and at
room temperature) and calculated compartment volume (error at ~ ±10%). #Samples with “r” in
name are from “small-room-T” method. & are included in table B-2
Sample

LO-190T10m
LO-190T40m
LO-190T60m
LO-70T10m&
LO-60T10m&
LO-60T20m
LO-60T40m
LO-60T1H
LO-60T1.5H
LO-60T5H
LO-60T10H
LO-20T10m&
LO-15T10m&
LO-7T10m&
LO-40T10m&
LO-40T20m

T

δ'17O

(°C)
-196

(‰)
0.16

0.31

0.00

22

-0.02

-0.07

0.01

-196
22
-196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22

0.18
-0.01
0.27
-0.07
0.12
0.03
0.12
−0.01
0.21
0.00
0.19
-0.04
0.20
-0.07
0.13
−0.05
0.25
−0.05
0.26
−0.08
0.03
−0.01
0.09
−0.04
−0.02
0.11
−0.05
0.19
0.02

δ'18O (‰)

∆17O (‰)

0.42
-0.04
-0.07
0.02
0.63
-0.06
-0.15
0.01
0.52
−0.14
−0.01
0.03
0.52
−0.14
−0.19
0.08
0.72
-0.16
-0.09
0.05
0.73
-0.19
-0.21
0.08
0.98
-0.31
-0.16
0.01
0.73
−0.25
−0.19
0.05
0.87
−0.2
−0.19
0.05
0.88
−0.2
−0.29
0.07
0.69
−0.32
−0.19
0.08
0.88
−0.37
−0.24
0.08
0.94
−0.51
Sample mishandled
0.53
−0.16
−0.16
0.04
0.88
-0.26
-0.06
0.06
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Initial

Time

Mole

Pressu

(Hr)

ratio€

190
re

0.17

2.9

(Torr)
190

0.67

2.9

190

1

2.9

73

0.17

3.3

65

0.17

3.7

65

0.33

3.7

65

0.67

3.8

65

1

3.8

65

1.5

3.6

65

5

3.7

65

10

3.7

20

0.17

3.4

15

0.17

4.1

7

0.17

N/A

40

0.17

3.4

40

0.33

3.8

Table B-6 continued
LO-40T40m
LO40T1H
LO-40T1.5H
LO-40T5H
LO-40T10H
LO-190T10mr#
LO-190T40mr
LO-40T10mr
LO-40T20mr
LO-40T40mr
LO-40T1Hr
LO-20T10mr
LO-20T20mr
LO-20T40mr
LO-20T1Hr
LO-7T10mr
LO-7T1Hr

−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22
−196
22

0.14
-0.02
0.07
-0.11
0.13
−0.09
0.29
−0.01
0.68
−0.11
0.04
-0.19
-0.04
-0.19
-0.02
0.09
-0.04
0.01
-0.04
0.01
-0.04
0.05
-0.08
0.16
-0.05
0.17
-0.04
0.17
-0.01
0.18
-0.01
0.28
-0.01
0.18

0.96
-0.15
0.94
-0.14
0.92
−0.28
1.06
−0.22
1.76
−0.25
0.09
-0.69
-0.00
-0.82
0.10
-0.81
0.08
-1.00
0.06
-1.06
0.11
-0.91
0.05
-0.85
0.07
-0.82
0.06
-0.82
0.14
-0.84
0.03
-0.98
0.04
-1.10

-0.36
0.06
-0.42
-0.04
−0.35
0.09
−0.26
0.1
−0.23
0.02
-0.00
0.17
-0.04
0.24
-0.07
0.51
-0.08
0.53
-0.08
0.55
-0.09
0.52
-0.10
0.60
-0.09
0.60
-0.08
0.60
-0.08
0.62
-0.02
0.79
-0.03
0.76
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40

0.67

3.8

40

1

3.8

40

1.5

3.9

40

5

3.1

40

10

3.2

190

0.17

0.18

190

0.67

0.17

41

0.17

0.16

41

0.33

0.16

41

0.67

0.16

41

1

0.16

20

0.17

0.17

20

0.33

0.17

20

0.67

0.17

20

1

0.17

7.5

0.17

7.5

1

Table B-7. Pairs of the quadruple sulfur isotopic composition of SF6 gas in the colder and
warmer ends under different experimental conditions, with blank tests (without temperature
gradient) reported in the end. The δ'*S is defined as ln (R*/R*onsite reference), where * refers to mass
number 33, 34 or 36 and R is 33S/32S, 34S/32S, or 36S/32S. The Δ33S ≡ δ'33S − 0.515 × δ'34S and
Δ36S ≡ δ'36S – 1.91× δ'34S. €The gas mole ratio of the warmer and the colder compartments at the
conclusion of an experiment, based on readings on capacitance monometer and on calculated
compartment volume (error at ±10%). #Samples with “r” in name are from “small-warm” method.
$
Blank tests; these were done at room temperature by loading SF6 into the enclosure and then
isolating compartments for measurement. There was no gas exchange among compartments.

Initial
T

33

δ' S

34

δ' S

36

δ' S

33

∆ S

36

∆ S

Sample

Mole
Pressure

(°C)

(‰)

(‰)

(‰)

(‰)

(‰)

ratio€

(Torr)
−55

−0.076

−0.057

0.120

−0.047

0.228

SF6-40T10m
140

0.012

0.008

0.097

0.008

0.082

−55

−0.114

−0.093

0.080

−0.066

0.258

140

0.001

−0.014

−0.004

0.008

0.023

−55

−0.166

−0.107

0.088

−0.111

0.293

SF6-30T10m

−0.17

SF6-10T10m
140

0.034

0.041

−0.099

40

6.4

30

6.2

14.5

5.8

10.3

0.4

30

0.5

61

0.4

0.013
7

SF6-10T10mr
#

SF6-40T10mr

-55
22
-55
22
-55

-0.024
0.043
-0.024
0.028
-0.006

-0.018
0.005
-0.033
0.010
-0.003

-0.009
-0.121
-0.014
-0.008
-0.099

-0.017
0.041
-0.006
0.023
-0.004

-0.024
-0.130
0.050
-0.027
-0.094

22

0.010

-0.004

-0.154

0.012

-0.145

SF6-60T10mr
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Table B-7 continued
SF6-BLK-A$

22

0.021

0.016

0.043

0.012

0.012

SF6-BLK-B$

22

0.025

0.029

−0.135

0.01

−0.190
14.5

$

22

0.04

0.056

0.068

0.011

−0.039

SF6-BLK-D$

22

0.025

0.023

0.026

0.013

−0.018

SF6-BLK-C
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